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1 Mantle Circulation Model (MCM)

Here we extend the description provided in Section 2 of the main manuscript to
provide more details of the mantle circulation modelling, where an MCM uses
plate motion history as the surface velocity boundary conditions. An MCM
therefore has plate tectonic-like surface behaviour in locations consistent with
geological history on Earth [I], 2 B, 4, 51 6 [7, 8, 9, [T0L 1T, 12| 13| 14, 15] .

The mantle dynamics is simulated by solving numerically the conservation
of mass, momentum, energy and composition equations in 3D spherical geom-
etry. The simulations presented here assume a compressible mantle under the
anelastic fluid approximation, which approximates mass conservation through

the equation:
V- (pu) =0, (1)

where p is density, and u is the fluid velocity vector. The equation of motion is:

Table 1: Mantle properties

Parameter Symbol Value Units
Thermal Conductivity k 3 WK Tm™!
Specific Heat C, 1100 J kg™t K1
Reference Viscosity W 4 x 10% Pas
Surface Temperature Ty 300 K
Acceleration due to Gravity g 10 m s 2
Initial Concentration K*° Ko 1.62x 107  mol g~!
Initial Concentration U%35 U 1.99 x 1072 mol g~ *
Initial Concentration U238 U3ss 1.01 x 10719 mol g1

Initial Concentration Th?32 Th2%? 3.48 x 10719 mol g~!
Concentrations of heat producing elements given at time of circulation

0 2 . Ouy dp

— €ij — =0ij—| | — =-Ap 2
ox; (77 { R aka Ox; par: @)
where 7 is viscosity, x; is a spatial co-ordinate, €é;; is the strain-rate tensor, p
is dynamic pressure, g, is the radially directed acceleration due to gravity, and
where Ap’, the lateral density is:

Ap' = —apo(T — Tret) + Apc(C — Cre) + XTPOP (3)

with « the coefficient of thermal expansion and py a reference density. T is
temperature and Tief is a radially varying reference temperature, with a con-
stant temperature in the mid-mantle and thermal boundary layers associated
with the top and bottom boundaries. C is a scalar variable that represents
variations in bulk composition. The bulk composition with C = 0 represents a
depleted harzburgitic composition, while C = 1 represents an enriched basaltic
composition, and C = 0.2 represents a lherzolite composition. Cier a reference
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bulk composition, and Ap, is a scaling factor that determines how the bulk com-
position parameter C' affects the lateral density anomaly. xr is the isothermal
compressibility.

Conservation of energy is approximated through the expression:

aT 3 9p
C, <8t+u.vT> =V (kVT) + H +®+aTui -, (4)

where ¢ is time, H is internal heat generation (by radioactive decay), C), is
specific heat capacity, k is thermal conductivity, and @ is viscous dissipation.
The bulk composition C' obeys the conservation equation:

ac
5=V (Cu+s. (5)

where S is the source term representing melting, described next. Near the sur-
face, melting is simulated following the methodology of Van Heck et al. [16]
using a depth and composition dependent solidus and liquidus, with a linear
increase in the degree of melting between these limits. Melting enriches parti-
cles (C increases) near the surface and depletes particles (C decreases) in the
melting source region. The concentrations of different isotopes are also tracked
using particles. These isotopes are fractionated during melting according to the
degree of melting and the relevant partition coefficient. Further details on the
implementation of the melting process and the parameter values used in these
simulations can be found in Van Heck et al. [16]. Figure Shows the average
distribution of the C value of particles beneath ocean basins at present day in
the MCM. Assuming either 50% of particles have C = 1 or C > 0.5 we estimate
mean oceanic crust thickness to be between 4.5 and 9.5 km.

The velocity boundary condition at the core-mantle boundary is free-slip,
while the velocities at the surface are prescribed by a model of plate motion
history, which has zero radial velocities. Many models of plate motion histories
have been used in MCMs [17, 18] [19] 20} 21], here we use the Miiller et al.[I7T]
model describing 1Ga of plate motion history. This plate model is generated
using a joint inversion for multiple constraints on absolute plate motion [22] in
order to reconstruct paleo-latitudes and paleo-longitudes in relation to mantle
structures. The surface temperature boundary condition is isothermal (Table,
while the temperature boundary condition at the core-mantle boundary is also
isothermal but varies in time, derived from a coupled model for the evolution
of the core [23].

The initial temperature field is derived by running a mantle convection sim-
ulation for roughly 2 Gyr until the surface heat flux is near steady-state. We
then apply the surface velocity field from the model of plate motion history from
the 1 Ga time step for 200 Myr, to condition the mantle with structure related
to that instant of plate motion history. As the simulation advances, the model
has decreasing memory of its initial condition, therefore an initial condition over
two mantle over-turn times ago (1 Ga) will have little influence on the present
day structure. Figure SMP| shows the average mantle temperature and CMB
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Figure 1: Profiles produced from particles in ocean basins at present day in
the MCM, binned at 1 km depth intervals. Black profile shows the fraction of
particles with a bulk composition of C' = 1 and red profile shows the mean bulk
composition.

temperature over model time, and also the thermal energy fluxes in and out of
the mantle domain.

The initial bulk composition field is designed to mimic a partly processed
mantle. Ten particles are distributed evenly in the volume nearest each node,
with four particles with C' = 0, one with C' = 1, and five with C' = 0.2. In
simulations with a primordial layer, all particles within 150 km of the CMB are
set to C' = 2 at the start of the velocity field conditioning phase. We also track
(and evolve by decay) the concentration of heat producing elements and their
daughter isotopes. The initial concentrations of these isotopes are calculated
following [24], see Table

The properties assumed for the mantle are listed in Table|l} Viscosity varies



100

101

102

103

104

105

106

107

108

109

110

111

112

113

114

115

116

117

Change in temperature Mantle thermal fluxes

0 —— Average mantle 35
— CMB

—20 4

w
o
L

)
N
vl

6T (K)

—— CMB flux (in)
—— Radiogenic (in)
—— Surface flux (out)

T

T T T T T T T T
2.5 2.0 15 1.0 0.5 0.0 2.5 2.0 1.5 1.0 0.5 0.0
Model Time (Ga) Model Time (Ga)

—60 -

Energy flux (TW
N
=}
L

[
ul
i

—80

=
o
L

-1004 @

Figure 2: a) Change in average mantle temperature and CMB temperature over
model time, b) thermal energy fluxes in and out of the mantle domain.

with both depth and temperature according to:

1 =nzexp((2'Va) — (E.T")) (6)

where 7 is the viscosity at a given node, 7, is the reference viscosity (1) multi-
plied by the radial viscosity factor at depth z, 2z’ is the non-dimensional depth,
V,=1.0 and E,=2.0 are non-dimensional constants that control the sensitivity of
viscosity to depth and temperature, and T’ is the non-dimensional temperature.
Temperature is non-dimensionalised via T = (T —Ty)/(T. —T0), where T is the
nodal mantle temperature, T is the temperature of the surface boundary, and
T, is the temperature of the lower boundary at the CMB. We non-dimensionalise
depth by 2z’ = z/h, where h is the total thickness of the mantle. The reference
viscosity profile and viscosity range with depth are plotted in Fig.

We also include the dynamic effects of the phase changes at 410 km and 660
km depth, using the sheet mass anomaly method [25] 26], using the parameters
in table[2l We note that this simple sheet mass anomaly method is not strictly
consistent in a mantle with laterally varying composition, for example a mantle
with an increased fraction of basalt (with its very low olivine content) will reduce
the proportion of mantle olivine.

Table 2: Olivine phase change parameters (the density change assumes 67%
olivine).

Reference depth (km) Ap (kgm~=>) Clapeyron slope (MPaK™1)

410 230 2.25
660 380 -1.5

During the simulation, we impose the plate motion history from 1 Ga to
the present day in steps of 1 Myr. We adjust the magnitude of the surface



118

119

120

121

122

123

124

125

126

127

128

129

130

131

132

133

od — Reference
Range
500 -
1000 -
IS
<
<
s 1500
[
o
2000 A
2500 A
3000 A

1622 1623
Viscosity (Pa s)

Figure 3: Reference viscosity profile (1o multiplied by radial factor, black line)
and the viscosity range at each radial layer of simulation (grey shaded area).

velocity to avoid introducing energy into the system when applying the surface
velocity boundary condition. We achieve this by first estimating the natural root
mean square (r.m.s.) surface velocity in a free-slip surface simulation (without
a high viscosity lithosphere) with the same model parameters. We then scale
the applied surface velocity from the plate motion history to achieve this mean
r.m.s. surface velocity using a constant scaling factor. The length of time over
which each plate motion stage is applied, is increased by the same constant scale
factor that the velocity is decreased by, this maintains Earth-like subduction
and ridge mass fluxes. In the simulation described here, we scale velocities (and
radioactive decay constants) by 50 %, thus doubling the time per plate stage.
The equations are solved using the benchmarked [27], parallel [28] code
TERRA [29, 26, 30}, 311 [3 32}, [16], where the unknown variables, velocity, dynamic
pressure and temperature are solved on a structured grid. Each radial layer of
the structured grid is based on a regular icosahedron, where 10 diamonds, made
from pairing its 20 triangles are iteratively subdivided [33]. The sample sim-
ulation presented here has an average lateral resolution at mid-mantle depth
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of around 45 km, with similar radial spacing. We note that simulations with
higher resolution are possible but at significantly higher computational cost,
(grid spacing) 4. They will allow a broader range of models to be investigated,
e.g. including a thinner lower viscosity asthenosphere. The advection of bulk
composition and isotope amounts is undertaken by ascribing the properties to
particles and tracking their movement using a fourth-order Runge-Kutta scheme
[31]. Any properties of the particles required at the node locations are obtained
by a distance and mass weighted interpolation of those properties to the node,
from the particles nearest to that node. We note that only one value of bulk
composition, given by the parameter C, is tracked on each particle, and also on
all grid nodes.

2 Producing Isotropic Seismic Structure from
Mantle Circulation Models

The compositions assumed for the three independent lithologies used in this
study (Baker and Beckett [34] (harzburgite), Walter [35] (lherzolite) and White
and Klein [36] (basalt)) are presented in Table|3| For each lithology a separate
look-up table of elastic properties (as a function of depth and temperature
throughout the mantle) is produced. How these three tables are produced and
used to predict the isotropic seismic structure from the thermocompositional
simulation is described in the main text.

Table 3: Mole percent oxide compositions for the three independent lithologies
used in this study.
Harzburgite Lherzolite Basalt

C=0 C =0.2 C=1
SiO, 36.184 38.819 52.298
MgO 56.559 49.894 15.812
FeO 5.954 6.145 7.121
CaO 0.889 2.874 13.027
Al;O3 0.492 1.963 9.489
NazO 0.001 0.367 2.244

The C value for lherzolite is determined by finding the C-value value that
minimizes the least-squares misfit in 6-component oxide space using the com-
positions reported in table[3] A C value of 0.2 for lherzolite gives a reasonable
fit.

As mentioned in the main text, the final effective densities and seismic ve-
locities throughout the domain are calculated by harmonic averaging of the
lherzolite, harzburgite and basalt material, weighted by the mass fractions fM
of each bulk composition. This is physically correct averaging for densities,
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given as:

13V M,V ™
—_ = 2 = _— = 2 7
P2 M, ;EJMJ‘ M; Z pi g

where i and j are indexes for the end-member components, and are summed
assuming a mechanical mixture of the appropriate combination (as described
in the main text) of the independent compositions (explicitly listed above).
We note there is no “correct” choice for multi-lithology (or even multi-phase)
averaging of seismic velocities, as in reality this would depend on the textures
and polarisation of seismic waves passing through the medium. However, the
exact choice of averaging (arithmetic, harmonic, ...) has a relatively small effect
on the velocities compared to small-scale variations in the fractions of lithologies
in the mechanical mixture.

The thermodynamic dataset used to generate the look-up tables of elastic
properties lacks a full covariance matrix, and therefore we cannot propagate
uncertainties or calculate confidence bounds on the final effective properties.
To obtain a first-order estimate of the uncertainties in the calculated seismic
properties, we made several simplifying assumptions. First, we assume that the
uncertainty in Vj is entirely dependent on the uncertainty in shear modulus, G.
Secondly, we assume that the relative uncertainty in G(P,T) is the same as for
G, and that the published variances for individual phases are independent. We
generated tables of modal phase proportions at regularly spaced P, T conditions
between 10 and 130 GPa along both a cool and hot geotherm [37, B8] in the
same manner as for the look-up tables. For phases modelled as solid solutions we
first propagated the error in a Voigt-Reuss-Hill average of the molar proportions
of each endmember phase. We then propagated the error in a Voigt-Reuss-Hill
average of the volume proportions of each phase to obtain the uncertainties
in G for each assemblage, before converting to a percentage error in Vi. The
minimum, maximum, and average relative uncertainties for the three lithologies
are presented in table [l

The uncertainties in the mineral dataset are ultimately dependent on the
uncertainties in the original experimental and computational data used in its
construction [39]. This leads to increased uncertainties when particular phases
are present. We note that for harzburgite, §V; is highest in the upper mantle
and at the base of the lower mantle, likely due to more complex mineralogy
and greater uncertainties in post-perovskite respectively. The uncertainty in
harzburgite is greater than for lherzholite due to the increased proportion of
calcium perovskite. For basalt, the §V; is more than double in the lower mantle
compared to the upper mantle, likely due to a lack of experimental data at
these conditions, and the larger error for basalt overall can be attributed to
greater uncertainties in the elastic properties of Fe- and Al-endmember phases,
Ca-perovskite, and free silica.
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Table 4: Estimated uncertainty in V; for the three lithologies.
Harzburgite Lherzolite Basalt

C=0 C =0.2 C=1
Min 0.31% 0.32% 0.29%
Max 0.50% 0.48% 1.67%
Mean 0.39% 0.45% 1.04%

3 Testing models with seismic observations

3.1 Whole Mantle
3.1.1 1D Isotropic

The mantle circulation model (MCM) presented in this study has a 45 km verti-
cal resolution. In order to simulate sharp seismic discontinuities, we interpolate
temperature bilinearly from the neighbouring grid nodes onto a finer 2.5 km ra-
dial grid and interpolate the bulk composition from the particles onto this grid
by a nearest neighbour scheme . We then build 1-D seismic profiles from the
high-resolution MCM model, by radially averaging p, Vg, and Vp, since the
icosahedral grid used by MCM distributes grid-nodes almost uniformly across
the Earth’s surface [33]. The global average is then interpolated at the same
depths as PREM.

The comparison between 1D radially-averaged velocities and models such as
PREM and AK135 is only intended to be a zeroth-order check on our models.
In the main text, we briefly discussed the expected differences between our
synthetic models and the models based on the real Earth. These differences
have several origins:

Earth model approximations PREM was not designed to represent a 1D
radial-average structure of the Earth, but rather the 1D structure that best-
fit normal mode, travel time and attenuation data and the Earth’s mass and
moment of inertia [40]. Uneven ray path coverage and the requirement to
fit the width and velocity jump across mantle discontinuities will both result
in differences from a true 1D average. Furthermore, the deeper part of the
PREM model (>670 km depth) uses the Adam-Williamson equation, which
assumes an adiabatic temperature profile between hand-picked layer boundaries,
homogeneous bulk composition, no sharp mineralogical discontinuities between
layer boundaries and that any continuous reactions are able to reach equilibrium
during the passage of a seismic wave.

Thermodynamic modelset approximations The thermodynamic mod-
elsets used in this study are inevitably imperfect, both in terms of formulation
and significant uncertainties in some parameter values (Section .

MCM model choices Some of the MCM model choices are the things
that we want to understand, but other choices may also affect the fit to seismic
observations. In the main text we mention the simplified lithosphere in our
MCMs, but other pragmatic choices such as the simplified density and chemical
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parameterisations will certainly also affect the 1D seismic profiles.

While outside the scope of this study, an improved comparison might take an
MCM, create synthetic seismic data similar to those used to construct PREM
and AK135, and repeat the original inversion procedure on that synthetic data.

3.1.2 3D Long wavelength tomography

Once the MCM is re-parameterised and filtered using S40RTS [41], we can
calculate the correlation between the predicted and observed seismic velocities.
At each radial spline, we compute the spherical harmonic coefficients of degree
[ and order m for the seismic velocities predicted by the geodynamic model
{@im, bim } as well as the seismic tomography model {¢jm, dim }. The correlation
per spherical harmonic degree at each radial spline (r!) is given by:
1
Tl Zm 0 (almclm + blmdlm) (8)
Vo (@, + 0,0y Tt (6 + d2,)

The total correlation at each radial layer up to degree l,,,q4 (rfiix
by:

) is then given

tot émalx me 0 (@imCim + blmdlm)

Imax .
\/Zlmm m 0 a’lm + b \/Zlmm m 0 (Clm + d )

Finally, we compute the weighted mean correlation ({r;_. )) combining all depth
splines (z;) [42]

(9)

M
Z] 1 wﬂ"ztof (%)
M
Dim1 W)
where the weighting w; = h;(R — zj)2 for layer j accounts for the change in

area with depth, thus depending on the layer depth (z;), layer thickness (h;)
and the radius of the Earth R.

(Pla) = (10)

3.1.3 Normal mode splitting

Normal modes are long-period oscillations of the whole Earth and thus only
sensitive to its long-wavelength structure of the mantle. There are two types of
modes; spheroidal modes ,,.5; and toroidal modes ,, T}, that are characterised by
their radial order n and angular order [. Each mode multiplet consists of 2 + 1
singlets with azimuthal order m, which all have the same resonance frequency
for a spherically symmetric, isotropic, non-rotating Earth model. These singlets
have different frequencies, i.e. the degeneracy is removed, in a more realistic
Earth, an effect known as splitting. The splitting due to Earth’s rotation and
ellipticity can be calculated, while the additional splitting that is observed is
related to 3D Earth structure.

Splitting function coefficients [43] are conveniently used to describe the split-
ting of a particular normal mode. Using perturbation theory, these are linearly
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related to perturbations of a reference Earth model:
= / S (r) Ko (r)dr + 3 6h, HY (1)
0 d

where s and t are the angular order s and azimuthal order ¢ describing lateral
heterogeneity in the Earth. K (r) and H? are the sensitivity kernels associated
with the perturbations, computed in the anisotropic PREM model [40]. dms
are the coefficients for perturbations in shear-wave velocity (Vg), compressional-
wave velocity (Vp) and density (p), while dhg refer to perturbations in topog-
raphy at internal boundaries. These splitting function coefficients are com-
bined with spherical harmonics to visualise the normal mode splitting, i.e. the
variations in resonance frequency of the normal mode. The resulting splitting
function maps represent the radially averaged Earth structure, as sensed by a
particular normal mode.

To compute synthetic splitting function maps, we first reparameterise the
velocity and density structure of the MCM in spherical harmonics for each depth.
Using Equation [3.1.3] we then compute the splitting function coefficients of each
mode. Here, we restrict ourselves to two groups of modes with a particular
sensitivity: high-frequency fundamental spheroidal modes that are primarily
sensitive to the upper mantle and core-mantle boundary Stoneley modes that
are sensitive to the CMB [44]. For each group, we analyse 10 different modes:
fundamental modes ¢S21 —g S30 as upper mantle sensitive modes and CMB
Stoneley modes 1519 —1 514, 2515 —2 517, 2525 and 3596 as lower mantle sensitive
modes. We use the observations of [45] [44], which are publicly available. Some
additional examples are given in Figure

To quantitatively compare the predicted and observed splitting functions, we
compute both the spectral correlation and the spectral amplitude ratio, both up
to the maximum spherical harmonic degree of the observation. By evaluating
both of these, we can directly assess whether the predicted heterogeneity is
in the right geographic location irrespective of whether the amplitude matches
(via the correlation). We can separately assess whether the strength of mantle
heterogeneity is correct, even if the structure is not exactly in the right location
(via the amplitude ratio).

3.2 Upper Mantle
3.2.1 1D Radial Anisotropy

In order to evaluate the elastic anisotropy at a particular location in the mantle,
we trace pathlines back in time through the stored history of mantle flow and
record the local velocity gradient tensor at each time step (back to 100 Ma, or
when the particle leaves the upper mantle). This extends the approach of [46]
by incorporating the time-varying history from the mantle circulation model.
The resulting tensor is then scaled by the fraction of deformation calculated to
be associated with dislocation creep, following the approach of [47]. We then

11
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Figure 4: Further examples of predicted splitting functions based on the MCM,
compared to observations, for a) mode 9S26, b) mode 2574 and ¢) mode 3S59.

provide these tensors as boundary conditions to a model of polycrystalline de-
formation (DRex [48], implemented in PyDRex [49]) which describes how the
imposed macroscopic strain rate (the symmetric part of the velocity gradient
tensor) is accommodated by microscopic strain in a collection of (initially ran-
dom) crystals. We use a 2000-crystal assemblage comprising 70% olivine, 30%
enstatite and default deformation parameters [48]. This process is computa-
tionally very expensive, limiting the number of total pathlines we can evaluate.
We calculate depth profiles between 400 km depth and the surface, with a 25 km
resolution. These are generated across 162 equal-area sampling points across

12
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the globe.

The result of this process is a set of crystal lattice orientations which can
be used together with the single crystal elasticity to compute the macroscopic
elasticity of the mantle at each path endpoint. For non-trivial 3D flow, this
macroscopic elasticity generally exhibits triclinic symmetry with 21 independent
elastic constants. For comparison with observation, we reduce this to a radial
anisotropy by azimuthal averaging of the elasticities, and derive the S-wave
anisotropic parameter ¢ (= (Vsu/Vsy)?) from the resulting wavespeeds.

3.2.2 Phase velocity

The description of utilising phase velocity maps to constrain mantle circulation
models (MCMs) is given in the main text. We expand on a few aspects here.

We estimate data errors by clustering ray paths that start and end in the
same 5x5° degree bins. The standard deviation of the path measurements within
each cluster is used if there are more than 20 paths, otherwise the global stan-
dard deviation is used. Ray path density is also weighted in the inversion, to
account for the uneven ray density.

Due to the ill-posed nature of the inverse problem, regularisation is applied
in the inversions. To determine appropriate amounts of regularisation, we build
L-curves that show the trade-off between the data misfit and the amount of
norm-damping applied. Whilst it is common to use the ‘elbow’ of the L-curve,
this provided maps that were too smooth and lost crucial detail, consequently we
take the misfit of the model with no regularisation applied, multiply it by 110%,
and use the corresponding amount of regularisation (Figure S. We also
compute associated error maps by propagating the estimated model errors and
ray density weighting through the inversion. Model errors provide important
constraints for assessing the MCM.

In order to predict phase velocity maps for the MCM, we build 1D profiles
at every 2 degrees in longitude and latitude. We first carry out a triangular
interpolation laterally (on the spherical layers of the MCM) onto the lateral
(longitude-latitude) locations of the tomographic grid nodes (voxels’ center-
points), followed by a linear interpolation with depth. At each location, we
define 1D profiles of isotropic Vs and Vp, density, shear attenuation, bulk at-
tenuation and eta. In the mantle Vs, Vp and density are taken from the MCM,
whilst shear attenuation, bulk attenuation and eta are set to PREM [40]. The
core is fixed to PREM and the crust is set to CRUST1.0 [50].

For completeness and for aiding the interpretation of the results presented
in the main text, Fig. SM [f] shows the depth sensitivity kernels with respect
to shear-wave speed for the fundamental mode phase velocity data used in this
study.

Then to calculate the quantitative misfit between the real and predicted
phase velocity maps at each period, we use the following equation:

13
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Figure 5: The effects is applying varying level of regularisation in the inversion.
An L-curve is shown for an example phase velocity map at an illustrative period
of 50 seconds. The number of effective parameters is given by the trace of the
resolution matrix, which depends on the regularisation. The red dot shows the
location along the L-curve and associated map using the traditional ‘elbow’ of
the L-curve. The green dot shows the location along the L-curve and preferred
map with the 110% misfit criteria.

N mMCM w) — mSeismic w

i€lat,lon g

where w is the frequency/period, N is the total number of locations ¢, which are
a function of latitude and longitude, mMM is the predicted MCM, mSeismic jg
the data-based seismic phase velocity, and o2 is the uncertainty in the seismic
phase velocity maps.

3.3 Surface Wave Tomography

While the description of the SOLA surface wave tomography method and how
to use it to constrain mantle circulation models is given in the main text, we
provide some details on the computation of the misfit here.

Similar to the procedure explained in the previous section, we start by in-
terpolating the MCM velocity predictions onto the tomographic grid. This is
achieved first by using a triangular interpolation laterally (on a spherical shell
of the MCM grid) to map predicted velocities at the latitudes and longitudes
of the center points of the tomographic grid voxcells. Then we do a linear in-
terpolation with depth to map velocity predictions at the depths of the center
points of the tomographic voxcells.
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Figure 6: Normalised depth sensitivity kernels of fundamental mode Rayleigh
wave phase velocity with wave periods between ~ 38 s and ~ 276 s with respect
to shear wave speed for Earth model PREM.

To compute the misfit we first apply the SOLA resolution matrix R to the
MCM prediction mMM | then we compute the misfit y,, with the data-based

tomography model mS°MA | using the equation:
o = | e S i e - (BT (13)
TV (o )7 ’
where UTS,?LA are the tomographic uncertainties, k is the model parameter index,

and Vj is the volume of grid cell k.

15



376

377

378

379

380

381

382

383

384

385

386

387

388

389

390

391

392

393

394

395

396

397

398

399

400

401

402

403

404

405

406

407

408

409

410

411

412

413

414

3.4 Other possible seismic constraints

We emphasise that we are only presenting a sub-set of possible disparate con-
straints on this sample test MCM. We here mention some other possible seismic
constraints and methods of testing and constraining MCM models.

MCMs can be tested by predicting body wave traveltime residuals for MCMs
[51]. This can be done for example by ray-tracing (e.g. [52, 53] ) or with more
sophisticated numerical tools such as SPECFEM3D_GLOBE to solve the 3-D
wave equation [564] 55, 56]. An intermediate form of calculating traveltimes
in MCMs (in terms of physical accuracy as well as computational effort) would
be to employ finite-frequency sensitivity kernels (i.e. banana-doughnut kernels)
[57); an example of using this method to investigate MCMs is being prepared
for this special issue, by Freissler et al..

Schuberth et al., (2009a,b) [51), 58] compared their predicted seismic struc-
ture with seismic tomography models, where they look at the radial profile of
root-mean-square amplitudes, histograms of heterogeneity and spectral power
and investigate the influence of applying the seismic filter. Schuberth et al.
(2012) [54] took this further and used a spectral element method to simulate
3-D global wave propagation and compared the statistics of observed travel-
times with predictions from MCM, highlighting the potential significance of
finite-frequency effects. Schuberth et al. (2015) [55] studied the dispersion of
traveltime residuals in MCM derived models caused by diffraction as a function
of period, observing pronounced dispersion. They discovered that wave-form
healing is equally important for fast and slow seismic velocity structures in
MCMs. Schuberth et al., (2021) [56] start directly from the variance of the tem-
perature variations in the MCM and using wave propagation modelling compare
the predicted traveltime residuals directly with characteristics of observed ones
and through this quantify the uncertainties related to anelasticity.

4 Testing models with dynamic topography and
geoid observations

Section 6 of the main manuscript summarises the testing of surface deflections
and the geoid predicted by the MCM simulation. This section of Supplemental
Material, first, extends the description of the calculation of surface deflections
and the geoid using spherical harmonics and the propagator matrix technique.
Secondly, the description of the methodologies used to assess the fidelity of the
predictions are expanded from what is given in the main manuscript.

Following [59], surface deflection for each spherical harmonic coefficient, hyy,
is calculated such that
1 R
him = 7/ A0 i (r)dr. (14)
Pm = Pw J Rous

The products of the sensitivity kernel, A;, and density anomalies, dp;,,,, of spher-
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ical harmonic degree, [, and order, m, are integrated with respect to radius, r,
between the core-mantle boundary (CMB), and Earth’s surface. p,, and p,, are
the mean densities of the surfical layer and overlying fluid, respectively, see e.g.
[60, 6T, 62] and body text of the main manuscript for more details.

Similarly, the geoid was calculated, such that

R
Gl = / K1 (r)6 pun (), (15)

Rcwme

where K is the geoid sensitivity kernel. See [59] for extended methodology.

We expand on the overview of the four approaches used to compare estimates
of surface deflections discussed in the main manuscript. As discussed in the main
manuscript perhaps the harshest test is to, first, calculate root-mean-squared
misfit between predicted surface deflections, h,,, and independent estimates, h?,
such that

X = | 37 2 wo (hn = 15)’, (16)

where N = number of estimates of surface deflection being compared. In the
examples examined in this paper, surface deflection is calculated on a 1 x 1°
grid such that N = 65,341. The prefactor wy is included to correct bias in cell
size with latitude, ¢, and is proportional to cos ¢.

Secondly, to aid comparisons of surface deflections as a function of scale
they are converted into the frequency domain using spherical harmonics. The
degree-correlation spectrum, 7, is calculated using pyshtools v4.10 [63], such

that
- Sfifa
VSfifi-Sfafa

where f; and f2 are the spherical harmonic coefficients of the two estimates of
surface deflection being compared. They vary as a function of order, m, and
degree, I; f = f/"™. Sfifs is the cross spectrum of the two functions. We note
that —1 < 7 < 1, and we calculate the mean value, 77 = 1/L Zlel 77, where
L is total number of degrees. Thirdly, the correlation of the entirety of both
functions can be estimated following [?], such that

(17)

Yo fi S -
= 1 ,  wh = , 18
N S T AP O ) 1)

where x indicates complex conjugation. This metric is not sensitive to the am-
plitudes of surface deflections.
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Finally, differences in power spectra between between predicted and inde-
pendent surface deflections are calculated such that

L
1
Xp =\ T Z (logyo P2 — 10g10on)2 +e (19)
1=1

where L is the number of spherical harmonic degrees being considered. P, =
> f2, is the total power per degree of predicted surface deflections, where
o= Zlm:fz- Py is total power per degree estimated independently, e.g. from
residual oceanic age-depth measurements or Kaula’s law [64] [65]. It is straight-
forward to incorporate multiple spectra into this calculation by simple addition
(see Equation . Once power spectra are calculated it is straightforward to
compare their spectral slopes, which can be used to assess whether broad pat-
terns of surface deflections are similar even if their amplitudes are not.

5 Testing models with Geochemistry and Petrol-
ogy

5.1 Identifying particles associated with ridges and plumes

Ridges are defined in the plate motion reconstruction [I7]. As these are surface
features, we project each ridge axis vertically down into the mantle and search
for particles which are within 75 km from the projected plane, in a depth range
of 135-300 km. This depth range is chosen so that we interrogate particles which
are not within the melting zone of the model so that their composition represents
the time integrated chemistry rather than modern melt, these particles represent
MORB source material in our MCM.

For the detection of plumes we apply a K-means clustering algorithm, from
the sklearn package [66] for Python, to the product of the non-dimensionalised
temperature and radial velocity fields. The ‘high’ value cluster is deemed to
be areas of the mantle which are plume-like. We search for plumes at radial
model layers from 300 — 2500 km depth - the uppermost and lowermost mantle
are omitted due to the difficulty of distinguishing plumes from ridges and lower
mantle thermal structures [67]. Individual plumes are identified using a density
based clustering approach (sklearn.cluster.HDBSCAN), which allows for plume
tilt, splitting and merging. Plumes which are detected at a depth of 300 km are
projected vertically upwards so that we can extract particles in a depth range of
135-300 km, as was done with the ridges. Particle which fall within this volume
represent OIB source material in our MCM. Code for replicating this process is
provided at |10.5281/zenodo.13960492.
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5.2 Testing models against a geochemical inversion of MORB

and OIB radiogenic isotope data

We perform a geochemical inversion of the global MORB and OIB dataset.
1031 MORB samples were compiled from the PetDB database in August 2023
and 1615 OIB samples were compiled from the GEOROC database in February
2024. Modeling is performed using the NumPy package [68] for Python. The
data for six radiogenic isotope ratios (3757 /86 Sr, S Nd /144 Nd, 1" Hf /' T"H f,
and 206,207,208 pp, /204 pp) for all the compiled samples are mapped into a 6-
dimensional boolean array. Elements of this array are set to True if they cor-
respond to the 6-isotope ratios composition of one or more samples, with a
resolution of Dataset range / 30 for each ratio, on par with the analytical
precision of these measurements.

We run a Monte Carlo routine that calculates model isotope compositions
for modern basalts through a mantle source evolution model. This model ex-
plores the parameter space for 16 variables relevant to the timing and magnitude
of mantle source modification, from a primitive mantle (PM) composition [69]
(listed in Table |5)) at 4.57 Gyr to a basaltic melt at present-day. If model melts
have an isotope composition corresponding to natural samples (as recorded by
the boolean map), the values for the 16 model variables are logged. We cal-
culate the median parameters leading to each natural sample composition (=
True element of the boolean array). We then calculate the global MORB and
OIB parameters means weighted by sample density (= number of natural sam-
ples corresponding to a given boolean array element) and by published plume
buoyancy for OIB [70].

The mantle source evolution model used is fully local, with one given set
of 16 parameters values corresponding to the full evolution history of a PM
source at 4.57 Gyr to the mantle source of a single modern basalt. Note that
the Pb concentration of the PM is reduced by 22% at 4.0 Gyr to allow a fit with
MORB and OIB 206:207.208 pp /204 pp - Each mantle source calculated contains
two distinct solid components: peridotite and recycled crust, that then melt and
mix to yield a basalt at present-day. The trace element and isotope composition
of peridotite is modeled through 2 successive events of PM modification, one at
time tpar,per between 4.0 and 2.5 Gyr and one at time tgp., between 2.5 Gyr
and 0.5 Gyr. In the first event, a mass proportion X pas, per between 0.0 and 1.0
of the PM is depleted through modal fractional melting with a melting degree
Fpar, per between 0.0 and 0.1, before being re-homogenised with the rest of this
local PM source. The second melt-depletion event affects the whole of this
re-homogenised source with a modal fractional melting degree F,;pe, between
0.0 and 0.1. The combined magnitude of these two peridotite depletion events
is given by the overall degree of peridotite depletion Fy:

Fi = Xpm,perFom,per + Faper(1 — Xpar,per FDM, Per) (20)

At present-day, this model peridotite melts with a modal fractional melting
degree Fpe, between 0.02 and 0.15. This final peridotite melting event is not
included in F,; and only serves to correct the mass balance of recycled crust
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in the final melt mixture, as the recycled crust has a higher degree of modal
fractional melting Fro, fixed at 0.65. Peridotite and recycled crust melt with
solid/liquid partition coefficients Kdpe, and Kdgc [71] (Table |5)).

Recycled crust (RC') is modelled as a solid mixture between recycled mafic
crust (M C) and recycled continental sediments. As for the peridotite, the source
of MC is derived from the PM. For this M C source, a first event of PM mod-
ification occurs at time tpar,arc between 4.0 and 2.5 Gyr. A mass proportion
Xpm,mc between 0.0 and 1.0 of the PM is depleted through modal fractional
melting with a melting degree Fpr,mc between 0.0 and 0.1, before being re-
homogenised with the rest of this local PM source. This re-homogenised source
then melts at time tpc between 2.5 Gyr and 0.5 Gyr with a modal fractional
melting degree Fpararc between 0.01 and 0.1. The resulting melt is the MC,
which then gets altered (also at time trc) with an extent of alteration faj
between 0.0 and 1.0. This process models the addition of Rb and U to the M C
by seawater before recycling into the mantle. The elemental budgets By [(2]
corresponding to fa;; are in Table Alteration changes magmatic elemental
concentrations Cy;og to Chroaie through the following equation:

Cucaie = Cuco + Bawfaun (21)

Continental sediments are then added to M C' to form RC' with a mass propor-
tion fgeq between 0.0 and 0.1. Sediments are derived from a PM source at 4.57
Gyr that takes the average continental crust (C'C') composition of [73] (see Table
5) at time tcc between 4.0 and 2.5 Gyr. Note than the Th concentration of
the C'C is increased by 20% from the published value to allow a fit with MORB
and OIB 2°8Pp/291Ph. The CC source then takes the the global subducting
sediment (GLOSS) composition of [74] (see Table[5]) at time tgc. The recycled
crust RC (= altered MC + sediments) then gets dehydrated at tre with an
extent of dehydration fpn, between 0.0 and 1.0 with the elemental mass loss
ratios Rppy [75] listed in Table This process models how fluid loss during
subduction changes RC' trace element abundances Crco to Crcphy:

Crephy = Croo(l — Rphy fDhy) (22)

RC' is mixed with peridotite with a mass proportion frc between 0.00 and
0.15. fre results are discussed in the main text, and the detailed results of this
geochemical model will be discussed in an upcoming publication (Béguelin et
al., in prep.).
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Table 5: Reservoir compositions and budgets for the geochemical inversion

Element PM CcC GLOSS Ba Rphy Kdpe, Fdgrc

vrglg  wpglg  pg/g  +09/9 Mratio Csot/Cliq Csor/Ciig

Rb 0.635 49 57.2 11.65 0.65  0.000321 0.003
Sr 21.1 320 327 0 0.408 0.031 0.0513
Sm 0.444 3.9 5.78 0 0.136 0.055 0.26122
Nd 1.354 20 27 0 0.309 0.03 0.14813
Lu 0.074 0.3 0.413 0 0.0 0.438 2.2911
Hf 0.309 3.7 4.06 0 0.136 0.061 0.2688
U 0.021 1.3 1.68 0.296  0.291 0.005 0.008404
Th 0.085 6.72 6.91 0 0.377 0.003 0.004646
Pb 0.185 11 19.9 0 0.846 0.005 0.04236

In the MCM, the frc value of a population of particles is calculated from
the C values of these particles (one frc value per population using the following
equation):

L¥C202—02) (m
( 0.8 02)(‘)

n

Where n is the total number of particles in a population, m is the number of
these particles with C' > 0.2, and C; 92 is the C value of an individual particle
with C > 0.2.

To assess whether the early compositional heterogeneity of the mantle affects
the distribution of heterogeneity later on, we run MCMs (not presented here)
with three very different starting mixtures at 1 Ga, (a) 0% crustal material,
(b) 10% crustal material (reference case), and (c) 20% crustal material. We
then calculate the resulting vertical distribution of heterogeneity at present day
recorded by the plume-ridge difference in recycled crustal material, as is done
in Section 7a of the main text. The corresponding results of excess crustal
material in plumes compared to ridges at present day are (a) 1.1% £+0.9%, (b)
1.1% £1.2%, and (c) 1.9% £1.4%. The corresponding value obtained from a
geochemical inversion of the MORB and OIB radiogenic isotope data that takes
into account 4.57 Ga of Earth history is an excess of 1.3% (Section 7a). These
results demonstrate (i) the MCM reaches a steady state in terms of distribution
of mantle heterogeneity in less than 1 Ga and (ii) is equivalent to an independent
geochemistry-based estimate. This resulting state at present-day is independent
of the starting mixture at 1 Ga.

We note that the inter-plumes standard deviation (quoted in the main text)
is the variability (or range) of the data, and not the uncertainty of the mean. To
assess how robust the comparison between the MCM and Monte Carlo petrology
model is, we compare the AfNMSM for 8 MCM runs (not presented here) that
use the same thermal and compositional density parameters. We find a mean
of A f}}z/[gM = 1.7% =+ 0.9%, meaning this result (i.e. the difference in recycled
oceanic crust beneath OIB and MORB sources) is reproducible across MCM

frc = (23)
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runs with similar inputs. Expectedly, MCM runs with different thermal and
compositional density parameters yield different A f¥SM values across a range
an order of magnitude larger than our reported uncertainty of +0.9%. This
means comparing A f}}{[gM to the robust A fggOChem value is a useful tool to
constrain thermal and compositional density input parameters of MCMs. We
note that other aspects of geochemistry can be expected to differ between a
model (like the Monte Carlo petrology model above) that relates to Earth’s
whole temporal evolution, and an MCM which simulates only part of the history
(e.g. 1 Ga here).
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